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Abstract

The 18O/16O ratio of CO2 is a potentially powerful tracer of carbon dioxide fluxes from the soil to the atmosphere, which is
influenced by complex interactions involving both biotic and abiotic soil processes. We use a simplified experimental approach
and numerical simulations to examine in isolation the 18O exchange between CO2 and soil water associated with the abiotic
invasion of atmospheric CO2 into soil. This allowed us to verify, in particular, whether the 18O of the retro-diffusion flux of
CO2 from the soil reflects 18O equilibration with water at the soil surface, or at some depth. Sterile soil samples with known
water isotopic composition were placed in a closed box attached to a specially designed flow chamber and the changes in d18O
of CO2 between the chamber inlet and outlet, due only to invasion effects, were determined. Numerical simulations constrained
by the laboratory gas exchange measurements indicated that between the two commonly used diffusion models [Penman, H.L.
(1940). Gas and vapor movements in soil, 1: the diffusion of vapors through porous solids. Int. J. Agric. Sci. 30, 437–462;
Moldrup, P., Olesen, T., Yamaguchi, T., Schjonning, P., Rolston, D.E. (1999). Modeling diffusion and reaction in soils,
IX, the Backingham–Burdine–Campbell equation for gas diffusivity in undisturbed soil. Soil Sci. 164, 542–551], only the for-
mer provided good agreement with the measurements over a wide range of soil water contents. Based on the model calcula-
tions constrained by experimental data, and on comparison of characteristic diffusion/reaction times, we conclude that the
depth required for full CO2–water

18O equilibration ranges between 2 and 8.5 cm. The depth depends, in order of importance,
on (1) soil moisture content; (2) temperature, which dominates the rate of hydration isotopic exchange; (3) CO2 residence
time, which is determined by the time of replacement of the column air above the soil; and (4) soil structure, including poros-
ity, tortuosity and grain size, with the later probably influencing the water surface area exposed to CO2 exchange. Using field
data from a semi-arid forest site in Israel, numerical simulations indicated that the 18O full equilibrium depth varied at this site
between 4 cm (January) and 8 cm (November), being sensitive mostly to temperature and soil water content. Deepening of the
equilibration depth as the soil dries should limit the effects of 18O evaporative enrichment at the surface on the isotopic com-
position of the soil–atmosphere CO2 flux.
! 2007 Elsevier Ltd. All rights reserved.

1. INTRODUCTION

1.1. The use of stable isotopes to study terrestrial CO2 fluxes

Organic matter in soil is the largest pool of global car-
bon on land. The annual flux of carbon between soils and

the atmosphere is equivalent to nearly 10% of the carbon
pool in the atmosphere. Therefore, small variations in the
flux can result in significant variations in atmospheric
CO2 concentrations. This is particularly relevant at present
when atmospheric CO2 concentrations are increasing due to
human-induced emission of !7 · 1015 g carbon annually
(from land use change, deforestation and fossil fuels);
these increases are expected to be associated with
climatic changes (IPCC 2001). Currently, the growth
rate of the atmospheric CO2 concentration is estimated
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at !1.5 ppm yr"1, which is equivalent to an annual increase
of !0.4% (www.cmdl.noaa.gov/ccgg/trends). Although
assessments of changes in atmospheric CO2 concentrations
indicate changes in the activity of the land biosphere, spe-
cific information on sinks or sources of carbon are scarce
(Keeling et al., 1996; Randerson et al., 1997; Hemming
and Yakir, 2005; see also www.fluxnet.ornl.gov/fluxnet/).

Stable isotopes of CO2 (
13C and 18O) provide a powerful

research measure to trace CO2 fluxes and gain insights to
underlying processes. While the use of 13C is relatively well
established, the application of 18O in CO2 to carbon cycle
studies is still developing (Yakir, 2003). Francey and Tans
(1987) showed the 18O content of atmospheric CO2 varies
latitudinally (and that this large signal must be influenced
by CO2 exchange with the land biosphere). They also
showed that variations in the d18O value of atmospheric
CO2 are influenced by the markedly different 18O signals
associated with photosynthesis and soil respiration, both
of which reflect oxygen exchange between CO2 and water
in the respective reservoir (Francey and Tans, 1987; Sie-
genthaler et al., 1987; Farquhar et al., 1993; Gillon and Ya-
kir, 2001; Yakir and Wang, 1996). However, significant
uncertainties are still associated with the 18O signal of
soil-respired CO2 (Miller et al., 1999; Stern et al., 2001; Ri-
ley et al., 2003).

The 18O of atmospheric CO2 is described in the frame-
work of a global mass balance equation such as (e.g., Miller
et al., 1999):

dda
dt

¼ 1

Ca
½F oaðdo " daÞ þ ewðF oa " F aoÞ þ F ffðdff " daÞ

þ F bbðdbb " daÞ þ F Aðdl " da þ elÞ
þ F saðdeq " da þ eeffÞ þ F Iðeeq " daÞ( ð1Þ

where FA = (Cl/(Ca " Cl))A (with A = Fla " Fal, which de-
notes the photosynthetic carbon assimilation flux), C is
the CO2 concentration, F is flux, d denotes normalized iso-
tope ratio defined by d = Rsample/Rreference " 1, R =
18O/16O, and the reference is V-PDBCO2

. This latter scale
provides good comparison with d values for water on the
V-SMOW due to the similarity of the CO2–H2O equilib-
rium fractionation, and the V-PDBCO2

and V-SMOW dif-
ferences (Brenninkmeijer et al., 1983; cf. Yakir, 2003).
Subscripts represent the reservoir of CO2 that leaves or
enters the atmosphere (a), ocean (o), fossil fuels (ff), bio-
mass burning (bb), leaves (l), and soil (s). The parameter
e refers to the kinetic fractionation associated with fluxes
between reservoirs, eq and eff denote the type of isotopic
fractionation, where eeq is defined below Eq. (3) and eeff rep-
resents an effective diffusion fractionation in the soil atmo-
sphere interface (Miller et al., 1999), and I represents an
invasion flux of atmospheric CO2 diffusing into and out
of soil (as added to the budget by Miller et al., 1999), which
is discussed below in more detail. While many of the param-
eters used in Eq. (1) can be reasonably well estimated, or
their effect on the overall budget is small (cf. Hillel, 1980;
Conway et al., 1994; Trolier et al., 1996; Blunier et al.,
2002), the isotopic fluxes associated with leaves and soil
are the largest and most uncertain. Knowledge of the
d18O linked to soil and leaf fluxes can help estimate these
fluxes individually, which will constitute a significant

advance in understanding responses of the contemporary
carbon cycle to global change.

1.2. Oxygen isotope ratios of soil CO2

The primary control on the atmospheric d18O of CO2 is
based on hydration of CO2 and the subsequent exchanges
of oxygen atoms (and their isotopes) between CO2 and
water, resulting with 18O exchange according to:

H2
18OðlÞ þCO2ðgÞ ()Hþ þHCO2

18O"
ðaqÞ ()H2OðlÞ þCO18OðgÞ

ð2Þ

While normally the overwhelming quantity of water relative
to CO2 in nature results in water controlling the d18O of
CO2 in the system, an equilibrium isotope effect between
CO2 and water exists (Brenninkmeijer et al., 1983):

aeqðT Þ ¼
½18O=16O(CO2

½18O=16O(H2O

ð3Þ

often expressed as eeq = (aeq " 1) · 103, which is 41.15& at
20 "C and is sensitive to temperature according to
eeq = 17604/K " 17.93 (where K is temperature in Kelvins
and deeq/dT = "0.2& "C"1). Note that in nature, the
d18O value of water involved in the CO2–H2O isotopic ex-
change also varies in a complex way, due to evaporative
enrichment at the surface and pattern variations in the
d18O of precipitation over time and space (Allison, 1982;
Allison et al., 1987; Barnes and Allison, 1983a,b; Mathieu
and Bariac, 1996a,b; Gat, 1996).

Importantly, the hydration reaction depicted in Eq. (2)
is catalyzed by the enzyme carbonic anhydrase (CA), which
is ubiquitous in leaves (Gillon and Yakir, 2001; Yakir,
2002) but can also exist in soils (Kesselmeier et al., 1999).
While the uncatalyzed reaction is relatively slow (turnover
of minutes), CA accelerates this reaction by many orders
of magnitude. During diffusion of CO2, for example, from
the site of reaction, a kinetic isotope effect is also associated
with the different diffusion rates of the isotopically labeled
CO2 molecules (Chapman and Cowling, 1970):

adiff ¼
DðCO18OÞ

DðCO2Þ
¼

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
ðMCO18O þMairÞ )MCO2

ðMCO2
þMairÞ )MCO18O

s

ð4Þ

where D is the effective diffusivity and M is the molecular
weight of the molecule. For CO2 diffusion in air, the 18O
fractionation factor is 0.9913, which is often expressed as
ediff = (adiff " 1) · 103 (i.e., "8.7&).

1.3. Invasion effect

As discussed above, the d18O of soil water influences the
isotopic composition of the respired CO2. But it also affects
the isotopic composition of any atmospheric CO2 which
comes in contact with soil water, such as from CO2 diffus-
ing into and out of the soil. This abiotic process was termed
atmospheric invasion (Tans, 1998; Miller et al., 1999; Stern
et al., 2001). Depending upon its residence time in the soil,
atmospheric CO2 that diffuses into soil can partially or fully
equilibrate with the soil water. Stern et al. (2001) assessed
the importance of these abiotic fluxes to the global budget
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of atmospheric d18O. Their estimates suggest that the mag-
nitude of the abiotic CO2 fluxes is significant and can be lar-
ger than 25% of the global soil–atmosphere respiratory flux,
and therefore represent a significant effect on atmospheric
d18O budget.

A general mathematical approach to understanding the
process of invasion was developed by Tans (1998) and ap-
plied in an experimental system by Miller et al. (1999). Con-
sidering a chamber with a known height of air above the
soil, the continuity equation is

dCout

dt
¼ 1

sair
ðCin " CoutÞ þ

P
h

ð5Þ

where Cin and Cout are the CO2 concentrations in the
incoming and outgoing air flowing through the chamber,
and sair is the CO2 mean residence time [s] in the chamber.
The term P/h represents the contribution of soil respiration
to the mass balance, where P is the production rate of res-
piration [mmol m"2 h"1], and h is the height of the well-
mixed air above the soil surface [m].

Eq. (5) ignores the fact that CO2 diffuses into and out of
the soil continuously, irrespective of the production term.
The diffusing Cin has the opportunity to equilibrate with
the soil water to an extent determined by the residence time
and the efficiency of the invasion process. Adding this effect
and the d18O corresponding to each CO2 component, Eq.
(5) can be expanded to yield (Miller et al., 1999):

dðd18Oout ) CoutÞ
dt

¼ d18Oout )
dCout

dt
þ Cout )

d18Oout

dt

¼ 1

sair
ðd18OinCin " d18OoutCoutÞ

þ v
h
ðd18Oeq " d18OoutÞ ) Cout þ

Pd18OP

h
ð6Þ

where d18Oeq is the d18O value of CO2 isotopically equili-
brated with soil water, and m is the efficiency of CO2 diffu-
sion, hydration and isotopic exchange in the soil (often
termed piston velocity) which can be described by:

v ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
haBhwjD0KH

p
ð7Þ

where ha and hw are the soil air and water volumetric con-
tent, respectively. The Bunsen coefficient, B, is defined as
the molar density of the dissolved gas in water divided by
the molar density in air (Weiss, 1974), and given by Tans
(1998) as

B ¼ 1:739 expð"0:039T þ 0:000236T 2Þ ð8Þ

where T is temperature of the liquid phase in "C. The rate
constant for oxygen isotopic equilibrium of CO2 and water
is KH, the tortuosity factor j (discussed comprehensively in
Section 3.1.2) is equal to about 0.66, and D0 is the molecu-
lar diffusivity of CO2 in free air (0.14 cm2 s"1; Hillel, 1980).
Note that even when the soil is fully saturated and v = 0, an
isotopic reaction between CO2 and free water on the surface
is still possible (see below and Fig. 3a).

For steady state conditions (under which our experi-
ments were carried out), and substituting Eq. (5) into Eq.
(6) yields:

d18OinCin " d18OoutCin þ
v
h
sairðd18Oeq " d18OoutÞCout

þ P
h
sairðd18OP " d18OoutÞ ¼ 0 ð9Þ

Eq. (9) is simplified significantly, at least in controlled
experiments, by eliminating any production (i.e., P = 0).
This removes any concentration (but not isotopic) gradients
from the system, and consequently diffusion fractionation,
so that any change in d18O can be assigned only to the effect
of invasion:

d18OinCin " d18OoutCin þ
v
h
sairðd18Oeq " d18OoutÞCout ¼ 0

ð10Þ

This expression is further simplified by defining sinv = h/v,
and the explicit contribution of the invasion effect, I, as
I ¼ sair

sinv
ðd18Oeq " d18OoutÞ. Thus I can be derived in the sim-

plified system, as done in this study, according to

d18Oout ¼
Cin ) d18Oin

Cout
þ I ð11Þ

and therefore,

I ¼ d18Oout "
Cin ) d18Oin

Cout
¼ d18Oout " d18Oin

¼ Dðd18OÞ ð12Þ

Note that Eq. (11) does not include surface effects that can
occur when the soil is saturated, notably, the CO2–H2O ex-
change that can take place without invasion. Such a surface
effect was included in the present version of the numerical
simulation (see below and Fig. 3) by including the molecu-
lar diffusivity of CO2 in water (2 · 10"5 cm2 s"1); the contri-
bution of this diffusivity is often neglected because it is
orders of magnitude smaller than the diffusivity in air
(0.14 cm2 s"1).

The discussion above outlines an approach to address
specifically the invasion effect. This simplified approach al-
lows convenient experimental testing of the many assump-
tions and parameterizations associated with predicting the
effect of soil on the d18O of atmospheric CO2. It is impor-
tant to recognize, in this respect, that insights gained from
specific investigation of the invasion effect will apply also to
production-enabled systems and thus help reduce uncer-
tainties in the overall estimate of the d18O in the soil–atmo-
sphere exchange flux. For example, both during invasion
and production, CO2 must diffuse within the wet soil along
some minimal pathway that will provide the time required
for isotopic equilibrium between CO2 and water to take
place (a process that occurs continuously along the soil pro-
file). The soil depth at which this requirement is satisfied de-
pends on the competing processes of diffusion (which can
remove CO2 from the soil) and the isotopic exchange reac-
tion (which impacts the 18O signal), and, of course, any fac-
tor that affects those processes, such as soil water content,
soil structure and temperature. This issue has become a crit-
ical point because the d18O of soil water can be extremely
variable near the soil surface due to evaporative enrichment
(Mathieu and Bariac, 1996a,b). Therefore, in drying soils,
uncertainties with respect to the depth of effective equilib-
rium between CO2 and water that influence the 18O content
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of soil CO2 efflux can constitute the largest uncertainty in
the application of 18O as a tracer for soil atmosphere CO2

fluxes (Allison, 1982; Miller et al., 1999; Riley et al., 2002,
2003; Riley, 2005).

The objective of this study was to apply a combination
of numerical simulations and experimental measurements
to a simplified system of abiotic CO2 invasion into soils.
The idea was to separately and quantitatively assess the fac-
tors influencing the invasion effect, in general, and the
depth of the effective CO2–water isotopic equilibration in
soils that influence the 18O content in soil efflux, in
particular.

2. MATERIALS AND METHODS

2.1. Dynamic flow-through chamber

A schematic diagram of the experimental apparatus is shown in
Fig. 1; it was based on the design of Fang and Moncrieff (1996) and
was the same system adapted and used by Miller et al. (1999). The
chamber was fit on top of a closed box with inner dimensions of
20 cm · 22.3 cm · 22.3 cm. A seal between the two parts was made
by using an O-ring and tightening with screws. The intake and
outlet tubes had diameters of 19 mm and 4 mm, respectively, and
together with ‘‘muffler’’ type inlets, were designed to prevent lam-
inar flow and pressure differences higher than 0.2 Pa, as discussed
in more detail in Miller et al. (1999).

2.2. Experimental porous media

The porous media used in the study consisted of clean, sieved
sands (UNIMIN, USA). These sands are well-rounded quartz sand
grains with minimal surface coatings (99.8% pure SiO2, as reported
by the manufacturer). The properties of the sand are given in Table
1 (Levy and Berkowitz, 2003).

Before use in experiments, the sand was rinsed with deionized
water and oven dried for 48 h at 105 "C. After 4 h of cooling inside
closed containers, measured quantities of water with known iso-
topic composition were homogenized with measured quantities of
sand (used for soil moisture determinations) for 12 h, with manual
mixing every !3 h in closed containers to avoid evaporation. Sand
samples were taken at the start and end of experiments (by using a
test tube of 15 mm OD as a corer, and then immediately sealing it
with the sample inside), and the actual mean sand water values
during the experiments was "26.2&. The evaporative effects for the
ensuing short duration experiments reported here were small, with
a mean difference in sand water (top 3–4 cm) between start and end
of each experiment, for five consecutive experiments, of
0.27 ± 0.26&. The sand water content, tested by coring soil in the
experimental box, was found to be uniform up to water content of
>50%, when water drainage to the bottom was observed.

2.3. Experimental procedure

The wetted sand was added homogeneously into the gas ex-
change system prior to commencing experiments that lasted !4 h.
Before sealing the chamber, a magnetic stir-bar was placed on the
chamber ceiling with a magnetic stirrer placed on the chamber top
and run at the lowest speed, to prevent development of laminar
flow inside the chamber. The entire chamber was leak-tested using
a non-dispersive infrared gas analyzer (IRGA, Li-Cor 6262, and
Gashound) and pure CO2. The chamber intake air was pumped
(Robbins & Mayer diaphragm pump) from a 200 L covered plastic
barrel located on the roof of the building, to prevent fluctuations in

the CO2 concentration during experiments. Samples of intake air
were taken through a split in the supply air, before entering the
chamber, using a diaphragm pump (Charles Austen) at a flow rate
of 50–80 mL min"1, regulated with a mass flow controller (MKS,
0–100 mL min"1) that sucked the air through a dryer (Mg(ClO4)2)
and 0.25 L glass flask high vacuum stopcock (Gas Expansion,
Australia). Air dryness was checked with dewpoint measurement
using the IRGA.

Airflow through the chamber was regulated with a mass flow
controller (MKS, 0–5 L min"1). Outlet air was sampled similarly to
the inlet air, on a split from the main air hose. The two IRGAs
mentioned above were connected to measure the inlet/outlet CO2

(and H2O) concentrations continuously throughout each experi-
ment. Sampling of inlet/outlet air was done during steady state
conditions, which was determined after a !2–3 h stabilization
period from stability of the CO2 concentrations and by comparing
Cinlet and Coutlet (and the stability over time of their d18O values).
Precision of the CO2 concentration measurements was ±0.1 and
±0.2 ppm for the Li-6262 and Li-800 (GasHound) instruments,
respectively, but because ambient air was used (through a large
buffer, see above) slow trends in [CO2] over an experiment lasting
several hours could result in standard deviations among samples
from the same experiments of 1–4 ppm. Similarly, the differences in
[CO2] between the inlet and outlet during these experiments were,
on average, 3.1 ± 1.7 ppm and were considered in the framework
of Eq. (12). The experiments were carried out at constant room
temperature of 25 "C (±1 "C). Due to the use of ambient air, the
d18O value of the inlet air varied slightly over time and was on
average "1.2 ± 0.1&.

2.4. Forest site

Extension to more realistic field conditions was carried out in
the Yatir forest in Israel (Grünzweig et al., 2003). Data from the
long-term CarboEuroflux field site at Yatir (see http://www.car-
boeurope.org/) were used for porosity, soil water content, and soil
temperature (from March 2002 to March 2003) at different depths.
The Yatir site is a semi-arid pine afforestation system located in
southern Israel where the soil type is light Rendzina (Haploxeroll)
above chalk and limestone, with clay to sandy-clay-loam texture
33% clay, 21% silt, and 46% sand. Average soil temperature was
19.5 "C, and ranged between 9 and 32 "C with continuous 1/2 h
data available since 2001. Volumetric water content was on average
16% and ranged between 4% and 30%, with data available on about
a weekly basis.

2.5. Isotopic analysis

The d13C and d18O of CO2 in air was analyzed using a con-
tinuous flow mass spectrometer configuration with a 15 flask
automatic manifold system. An aliquot of 1.5 mL of air was ex-
panded from each flask into a sampling loop on a 15-position valve
(Valco). CO2 was cryogenically trapped from the air samples using
helium as a carrier gas; it was then separated from N2O with a
Carbosieve G packed column at 70 "C, and analyzed on a Europa
20-20 Isotope Ratio Mass Spectrometer. d13C results are quoted in
parts per thousand (&) relative to the V-PDB international stan-
dard (Coplen, 1994). The analytical precision was ±0.1&.

The CO2 isotopic composition of dry cylinder air obtained in
Israel was calibrated locally and for each cylinder, samples were
tested by sample inter-comparison with NOAA-CMDL, Boulder,
Colorado, USA (cf. Trolier et al., 1996), with precisions of 0.1 ppm
and 0.01&.

Sand was extracted from samples taken with a plastic corer (test
tube of 15 mm OD) by vacuum distillation at 80 "C. d18O values
were determined by equilibration of 0.5 mL water with CO2 for
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24 h at 29 "C followed by cryogenic purification of a CO2 aliquot.
d18O values of the CO2 were measured by dual inlet isotope
ratio mass spectrometer (IRMS; MAT250, Finnigan, Bremen,

Germany). Values were calibrated on the V-SMOW scale by
simultaneously measuring an internal water standard (having a
d18O value of "4.5& periodically calibrated to the international
V-SMOW standard obtained form the IAEA, Vienna). Precision of
the water mass spectrometric analysis was ±0.1&.

2.6. Model formulation

A one-dimensional numerical model was designed to simulate
production and diffusion of CO2 in a soil profile, together with
the exchange of 18O between soil water and CO2. The mathe-
matical formulation was based on general principles derived by

Fig. 1. Schematic of the dynamic soil gas exchange chamber used in this study.

Table 1
Properties of sands used in the experiments

Mesh
size

Porosity
(/)

Grain diameter
(mm)

Hydraulic conductivity
(cm s"1)

50/70 0.376 0.231 0.014
12/20 0.370 1.105 0.500
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Hesterberg and Siegenthaler (1991) and expanded later by Tans
(1998).

The conceptual picture is of a well-mixed atmospheric reser-
voir of known height, which is flushed at a certain rate, lying
above the soil. The soil characteristic profiles (i.e., water content,
porosity, temperature, dH2

18O and production) are known in
space and time, either from measurements or by assumptions. The
concentration and isotopic composition of CO2 were chosen to be
the variables; they were solved by the numerical model described
below.

The change in the CO2 concentration in soil is described by the
diffusion equation:

oðhtCÞ
ot

¼ o
oz

DS
oC
oz

" #
þ P ð13Þ

where ht = ha + Bhw is the total CO2 porosity (Tans, 1998), Ds is
soil diffusivity, z is the soil depth, and t is the time (note that in
the present study P = 0 and CO2 concentrations are essentially
homogeneous). The equation for the rate of isotopic species, as
formulated by Hesterberg and Siegenthaler (1991) and Tans
(1998), is:

oðhtRCÞ
ot

¼ o
oz

Diso
oðCRÞ
oz

$ %
þ PRS þ KHBhwCðReq " RÞ ð14Þ

where Diso is the molecular diffusivity of C18OO and is based on the
gas diffusion in porous media. The ratio of isotopic species is ex-
pressed as C(z)R(z), in which R(z) is the ratio of the rare isotopic
species to the total concentration of the chemical species, and
Req(z) is the isotopic ratio of CO2 in equilibrium with soil moisture
at local temperature. The factor KHBhw represents the overall rate
of isotopic equilibrium, which takes place only in the dissolved
phase, with the CO2–H2O rate of isotopic equilibrium (due to oxy-
gen scrambling in the carbonate ion) being:

KH ¼ H rate

3
ð15Þ

The hydration rate is given by Skirrow (1975) as

H rate ¼ 0:037 exp "9600
1

273:15þ T
" 1

298:15

" #& '
ð16Þ

The V-PDB value of CO2 equilibrated with water is

deq ¼ dH2O " 0:21ðT " 25Þ ð17Þ

Note that dH2O of water in this equation is expressed relative to
SMOW, whereas deq (for CO2) is expressed relative to V-PDB (a
common approach to avoid the need to include the H2O–CO2 frac-
tionation factor, see Eq. (3)), and T is the temperature of the liquid
phase in "C.

The diffusivity DS is a characteristic of the soil and depends
strongly on the water content and temperature, as well as on other
mechanical properties (i.e., soil structure). Two functions that are
widely used to describe the diffusion coefficient in soil include the
models of Penman (1940) and of Moldrup et al. (see Moldrup et al.,
1999). The Penman model can be described according to:

DS ¼ D0jðhS " hwÞ
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
T þ 273:15

298:15

r
ð18Þ

where hs is the saturation water content of the soil, and using the
small temperature correction as suggested in Tans (1998). This
function is used in the numerical simulations throughout this study,
unless otherwise indicated.

The second function is based on the model of Moldrup et al.
(1999) according to

DS ¼ D0jhS
hS " hw

hS

" #3 273:15þ T
298:15

" #n

ð19Þ

where T is the soil temperature in "C, and n should be 1.5 for the
temperature range expected in soils (Riley et al., 2002; Bird et al.,
2002). Irrespective of the diffusion model used, the 18O diffusion
coefficient is given by Diso = adiff DS, where adiff is the kinetic frac-
tionation (equal to 0.9913 based on the reduced mass equation of
CO2 isotopes in air, Eq. (4)). Note that a variation of Eq. (19) is
given by Moldrup et al. (2003):

DS ¼ D0ðhS " hwÞ2
hS " hw

hS

" #3=b 273:15þ T
298:15

" #n

where b is the slope of the water retention curve (T in "C). This
expression was considered by Riley (2005), who noted that use of
this alternative expression has negligible impact on the predicted
d18O value of the net soil-surface CO2 flux.

Both carbon dioxide and isotopic fluxes at the surface (z = 0)
can be determined at the atmosphere-soil boundary according to
Fick’s law, but in our experiments, at steady state and no pro-
duction, there was only isotopic net flux:

F CO2
¼ "DS

oC
oz

F 18 ¼ "Diso
oðCRÞ
oz

ð20Þ

The model neglects advection of soil gas. Stern et al. (1999) exam-
ined the sensitivity of advection on the diffusion–production–reac-
tion equation. Their results showed that advection is significant
only in extreme cases of highly permeable soils combined with high
frequency surface pressure variations resulting from strong winds.
Note also that in the model used here, the diffusivity of CO2 in
water (2 · 10"5 cm2 s"1) is included, so that diffusion reduces to
this factor rather than zero when the sand is fully saturated with
water and there is no diffusion in air. This effect is usually ignored,
because it is considered negligible compared to diffusion in air. As
discussed below, this diffusivity results in a small surface effect,
which is likely underestimated because of the assumption of a flat
surface.

Boundary and initial conditions are specified to complete the
model formulation. The CO2 concentration, the isotopic compo-
sition of CO2, and the fluxes F CO2

and F18 depend on the soil
characteristic profiles. A constant limit is assumed to simulate the
soil characteristics:

P z;t¼0 ¼ P z;t¼1 ¼ 0

hz;t¼0 ¼ hz;t¼1

T z;t¼0 ¼ T z;t¼1 ð21Þ
dH2

18Oz;t¼0 ¼ dH2
18Oz;t¼1

In addition, an impermeable boundary is imposed to simulate a soil
profile with a closed base (at z = bottom):

F CO2ðz¼bottom;tÞ
¼ 0

F 18ðz¼bottom;tÞ ¼ 0 ð22Þ

The initial conditions are simply

Cz;t¼0 ¼ Catmosphere

d18Oz;t¼0 ¼ d18Oatmosphere ð23Þ

The above model was solved numerically. The main variables, CO2

concentration and d18O, were defined for every discrete depth. The
soil was divided into discrete intervals of identical thickness, z0 = 0
at the surface and zk = zmax at the lower boundary, for a total of 81
segments (see Fig. 2). The resolution of the diffusion–production
equations consists of determining C and d18O at each time step.
The equations were solved numerically with the method of implicit
differencing (Press et al., 1992), which gives the correct steady-state
solution of particular interest in this study.
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2.7. Model validation

The numerical isotopic exchange model was previously vali-
dated successfully (Tans, 1998) for simple comparisons of the
simulated steady state solution concentration gradients and fluxes
to the exact mathematical solutions of the equations that were
obtained by using Green’s functions (for respiration as an expo-
nential function of depth, constant respiration with depth, and
constant production underneath an inert surface layer).

Miller et al. (1999) subsequently provided experimental vali-
dation, checking the model against actual d18O measurements in
soil air and effluxes. They found generally good agreements but
with simulated d18O heavier by an average of 0.8&. This was
apparently due to the choice of a constant production function,
which did not decrease with decreasing water content near the
surface.

We first examined the influence of the time and space discreti-
zation on the CO2 flux, and in particular, on the invasion. No effect
of time discretization on the steady state solutions was found for
time steps of 10 s, 100 s and 1000 s. Moreover, the calculated d18O
of CO2 profiles were almost identical for the relevant experimental
soil column depths, i.e., 20, 30, 40 cm, with a spatial discretization
of 81 segments. Variations of less than 0.2& appeared only for
short residence times, and at the beginning of the simulations, using
a strong isotopic signal of "25&.

3. RESULTS AND DISCUSSION

We focused our study on the invasion effect, I, in abiotic
systems, which we characterized in Section 1.3. In other
words, we considered the d18O behavior of atmospheric
CO2, which is influenced by passive diffusion of atmo-
spheric CO2 into and out of wet soil, and the associated
18O exchange between the CO2 and the soil water. We
expected that because of the association among diffusion,
dissolution and exchange reaction, factors influencing these
processes would affect I. Using numerical simulations, we
explored the effect of soil moisture content, the choice of
diffusion coefficient function, the CO2 residence time, and
the soil temperature on the magnitude of I. These simula-
tions helped assess the relative importance of the various
factors under a range of conditions that can be encountered
in natural environments. A simplified experimental system
was then considered, in which any biotic CO2 production,
and consequently any CO2 concentration gradients and
kinetic isotopic fractionation, were eliminated. We used
experimental measurements to test our simulation parame-
terization, in particular to determine which of the two
diffusion coefficient functions best fits the observations.

Fig. 2. Diagram showing the space discretization and the main variables in the numerical model. The following variables were used in all the
model simulations: / = 0.376, dH2

18Osoil = "25&, dCO18Oambient = "0.5&, P = 0 (lmol m"2 s"1), [CO2] = 380 ppm, z = 20 cm, residence
time = 620 s, flow rate q = 0.5 L min"1, h = 10.5 cm, T = 25 "C.
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3.1. Numerical simulations

3.1.1. Soil moisture content
Our simulations clearly demonstrate the effect of inva-

sion in wet soils on atmospheric CO2. This is reflected in
the decrease of the d18O values as the CO2 passes over a
wet soil; the extent of the change is dictated by the 18O-de-
pleted soil water. Because no CO2 production or con-
sumption was prescribed in our simulations, and because
there is no change in CO2 concentration or in any other
condition with time, the d18O of soil water is the only fac-
tor that can drive the change in the d18O of the CO2. For
any given d18O of soil water, however, the magnitude of
this effect is influenced by the amount of water in the soil
(Fig. 3a). The effect of invasion is only noticeable if some
moisture is present, and initially it increases with increas-
ing soil moisture content. This is expected because water is
the reactant in the exchange reaction (for the sake of con-
venience, we hereafter use the volumetric water content or
water-filled void space, hv where hv = hw/ha). At medium
hv values, the effect of increasing hv diminishes, and there

is little sensitivity to hv (depending on the choice of diffu-
sion coefficient function, discussed below); at higher hv
values, I actually decreases. This diminishing effect of hv
on I is also expected because water-filled soil pores hinder
the diffusion of CO2 into the soil, and therefore the oppor-
tunity for CO2–H2O isotopic exchange during the pre-
scribed residence time of the CO2 in the systems
(chamber flow rate in our experiments).

Note, however, that I does not vanish even at full soil
saturation, i.e., for hv = 1, I * "0.3& is observed
(Fig. 3a). This surface effect, due to CO2 dissolution and
isotopic exchange with wet surface (see Section 2), is likely
underestimated here as it assumes a flat wet surface. In real-
ity, the actual soil surface roughness can increase such sur-
face effects by an order of magnitude (i.e., potentially to an
apparent I of !"3&). This surface effect, as noted above, is
due to some air CO2 dissolving in the water, and some dis-
solved CO2 leaving the water. For the experimental condi-
tions, we estimate that about 0.4% of the air CO2 could
probably exchange with surface water, per minute; this cor-
responds roughly to the rate constant of hydration.

Fig. 3. Simulation predictions of invasion: (a) Invasion as a function of volumetric water content, for the diffusion coefficient functions of
Penman (1940) and Moldrup et al. (1999). (b) Invasion as a function of soil physical properties (i.e., porosity and tortuosity) for various
volumetric water contents. (c) Invasion as a function of residence time for various volumetric water contents. (d) Invasion as a function of
temperature for various volumetric water contents. Simulations were based on Eqs. 13, 14 (with no production term) and the parameters
indicated in Fig. 2.
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3.1.2. Diffusion coefficient function
As discussed above, increasing the soil water content af-

fects invasion both by enhancing the exchange rate, because
more reactant is available, and by inhibiting exchange, be-
cause diffusion pathways are blocked. Riley et al. (2002,
2003) and Riley (2005) pointed out that in numerical simu-
lations, the rate of CO2 diffusion in soils is greatly influ-
enced also by the choice of diffusion coefficient function;
these functions incorporate the effects of porosity and tem-
perature in different ways. Two commonly used models,
namely the Penman (1940) model (Eq. (18)) applied by
Miller et al. (1999), Tans (1998), Mathieu and Bariac
(1996b) and Stern et al. (1999), and the Moldrup et al.
(1999) model (Eq. (19)), considered by Riley et al. (2002,
2003), produced different predictions of the invasion effect.
Notably there are many other studies that consider various
ways to estimate the diffusivity parameter, and for different
media and ambient conditions. Here we chose only two ap-
proaches that have been selected in previous studies, and
apply them to a simplified synthetic experimental system.

Fig. 3a demonstrates how these two models predict the
response of I to changes in hv. For very low volumetric
water contents, similar I values were obtained with the
two diffusion models (Fig. 3a), but for hv greater than about
10%, the differences increase to a maximum of !4& at
hv * 80%. The range of reduced sensitivity of I is over
hv * 10–50% when using Eq. (18), but over hv * 30–80%
when using Eq. (19) (Fig. 3a). The relatively large differ-
ences between the predicted I values for the two diffusion
models provide an opportunity to test these two representa-
tions of diffusion experimentally. This test is discussed
below.

A complex parameter factored into the diffusivity coeffi-
cient models is the tortuosity, j. The concept behind this
parameter is to scale the diffusion distances in porous med-
ia. It is common to estimate the tortuosity in sand as
j = 0.66 (Hillel, 1980), but in much finer textured materials,
the value of tortuosity can decrease to j = 0.2 (Barnes and
Allison, 1988). Mathieu and Bariac (1996b) used j = 0.49
for a porosity / = 0.55 based on Philip (1957). In Fig. 3b
we considered a realistic range of porosity and tortuosity
values and examined their effects on I. The effects of differ-
ent porosity and tortuosity values on I are comparable.
However, note that porosity tends to be inversely propor-
tional to tortuosity and, hence, porosity increases as tortu-
osity decreases. Interestingly, the results obtained here
indicate that I is not very sensitive to the combined effects
of porosity and tortuosity. But in contrast, Stern et al.
(2001) indicated that I can vary for different sites with very
different soil types. We show below that I can also vary in
similar soils with different grain size. It thus appears that
the low sensitivity reported here applies in particular to
variations in porosity/tortuosity for the same soil type
and grain size, but more significant changes in soil type
and grain size (e.g. different sites) would influence I more
strongly.

3.1.3. CO2 residence time
In both model simulations and experimental measure-

ments, reported below, the flow rate of air above the soil

surface determined the residence time of the CO2 in contact
with the wet soil. Longer residence times expose the CO2 to
additional active sites. This parameter influenced (together
with the soil parameters) the time available for CO2 to dif-
fuse into the soil, react, and equilibrate isotopically with
soil water. Clearly, longer residence times are expected to
enhance the invasion effect, as indeed observed in the model
simulations (Fig. 3c). Note, however, that the pattern of the
residence time effect is not linear and the effect diminishes
with increasing residence time values. Ultimately, it is ex-
pected that the d18O of CO2 will approach the equilibrium
value with soil water ("25& for Fig. 3, after considering
temperature effects; cf. Eq. (17)). Under natural conditions,
the residence time for invasion is influenced by the turbu-
lence conditions near the soil surface, and long residence
times are expected at night and in dense canopies, which
are associated with high concentrations of air CO2 due to
soil respiration.

3.1.4. Temperature
Two competing processes are involved in the invasion

effect, namely CO2 diffusion and reaction (which occurs
only while the CO2 is in wet soil). Variations in soil temper-
atures, in the range normally encountered in nature, affect
the diffusion coefficient function negligibly. But such varia-
tions strongly influence the hydration rates, and conse-
quently the rate of exchange of oxygen isotopes between
CO2 and soil water.

Fig. 3d demonstrates the effect of temperature on I,
based only on calculating its effect on the hydration rate
of CO2 (Eq. (16); based on Skirrow, 1975), and its conse-
quent effect on the rate of CO2–H2O isotopic equilibrium
(Eq. (15)). The temperature effect on I is large, even within
the range commonly encountered in ecosystems over the
diurnal and seasonal cycles (as noted also by Stern et al.,
1999). The influence of soil moisture content on the temper-
ature response, however, is relatively small. For example, a
10 "C temperature change, in the range of 20–30 "C, results
in an almost 3& change in I. This is a much larger effect
than expected, for example, when compared to short-term
changes in soil moisture content or changes in CO2 resi-
dence time in turbulent air (Fig. 3a and c). This effect can
be expected because increasing temperature effectively re-
duces the depth required for CO2 diffusion to attain equilib-
rium enrichment in 18O. Therefore, variations in
temperature associated with changes in d18O of soil water
with depth can produce significant changes in I on daily
and seasonal time scales, irrespective of any other changes.

3.2. Experimental validation of the diffusion coefficient model

As noted by Riley (2005); see also Riley et al. (2002,
2003) and discussed above (Fig. 3a), the choice of diffusivity
coefficient function is a subject of debate, but the expected
differences should allow experimental testing of the more
suitable function. Here, we employed a simplified experi-
mental system using the methodology used by Miller
et al. (1999). We eliminated production and consumption
of CO2 and used a large difference in d18O between soil
water and CO2 with dðd18OH2OÞ=dz ¼ 0 to examine the fits
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of the two diffusivity coefficient models of Penman (1940)
and Moldrup et al. (1999) to the patterns of the 18O ex-
change, as expressed in the invasion effect.

Note that a simple ratio between Eqs. (18) and (19)
yields approximately the term ðhS"hw

hS
Þ2 273:15þT

298:15 which is near
unity for low soil water contents (i.e., hw + ha under the
same soil temperatures), but not at high hw values, consis-
tent with the simulations presented in Fig. 3a. However,
other than for dry soils the experimental results for the re-
sponse of I air flow-rate (i.e., CO2 residence time) and to hw,
shown in Fig. 4a and b, respectively, are fit well only by the
simulations based on the Penman model. Listed in order of
significance the results can be summarized as follows. (1)
Good agreement is found between the Penman (1940) diffu-
sivity coefficient function and experimental results, both in
predicting the response to changes in hv and to residence
time (Fig. 4a and b). The Moldrup et al. (1999) function
consistently predicts smaller I values for the same condi-
tions. (2) Using the Penman function, a better correlation

with experimental results is observed at higher hv values
(>30%). This may be due to higher experimental error
and difficulties in producing homogeneous soil samples in
the lower range of hv. (3) Residence time plays an important
role in both experimental and simulated results. Residence
time is a prescribed parameter and can influence the results
and interpretations, but simulations showed that this
effect is significant only at extremely low flow rates (e.g.,
!0.1 L min"1; in Fig. 3b). (4) Measurements of D(d13C)
(i.e., D(d13C) = d13Cout " d13Cin) were used as a control
for the 18O measurements, because no change in d13C val-
ues was expected during the abiotic flow-through experi-
ments. Values of D(d13C) were on average (for all
experiments) "0.3 ± 0.5&, with no response to the vari-
ables used, supporting the notion that the D(d18O) from
which I values are derived was not influenced significantly
by the experimental setup. (The residual 13C effect was con-
sistent with some residual CO2 production observed in our
stored sand reserves, but during experiments it was associ-
ated with a minor CO2 gradient across the soil box during
experiments (see Section 2, and Eq. (11)) and was consid-
ered insignificant.) (5) All experiments were carried out with
pure sand of relatively uniform grain size. Possible effects of
grain size and structure on the water–CO2 exchange or the
invasion effect were not considered. This point was checked
separately, as discussed below.

Low (1979) showed that physical properties, such as the
nature of hydrogen bonds formed by bound water, specifi-
cally interlayer water in montmorillonite clay, differ from
properties of bulk water (Isaac, 2001). Isaac (2001) reported
that the large surface to volume ratio imposed on soil water
could enhance significantly the isotopic hydration reaction
rate. Miller et al. (1999) envisaged that water adsorbed to
surfaces probably contains 18O bound more strongly than
when in solution, and as a result the kinetic fractionation
decreases. In our study we used rounded quartz sand with
minimal surface coatings, generally assuming that water is
predominantly unbound, except for hydrogen bonding be-
tween water molecules. We examined experimentally the ef-
fects of using sand with different grain diameters, and
therefore different properties such as surface area, but with
otherwise identical chemical properties (including porosity).
The results of four independent measurements (Fig. 5a and
b) showed that I was always greater for fine grain sand than
for coarse sand (by 0.7–1.2&, and on average 1.2 ± 1.0&).
Although more measurements are needed, it seems this
structural effect was stronger in dry soils, and that it rapidly
diminishes with increasing soil water content (Fig. 5). This
is consistent with the idea that the isotopic reaction between
water and CO2 occurs predominantly on thin films sur-
rounding particle surfaces, rather than in bulk water.

3.3. Depth of 18O equilibrium

A major issue associated with estimating exchange of
18O between CO2 and water in wet soils is associated with
the common observation of a large isotopic gradient in soil
water at the top !5 cm of the soil, which is due to evapora-
tive enrichment (Mathieu and Bariac, 1996a; Miller et al.,
1999; Riley, 2005). If the effective depth of isotopic equili-

Fig. 4. Experimental results on model validation: (a) Invasion as a
function of residence time for hv = 50%. (b) Invasion as a function
of volumetric water content for residence time of 388 s (i.e.
chamber flow rate of 0.8 L min"1). Parameter values are specified
in Fig. 2 except: dH2

18Osoil = "26.2&, dCO18Oambient = varying,
[CO2] = varies 370–405). The simulations were based on solving
numerically Eqs. 13, 14, 18, 19 and experimental results were used
with Eq. (11) (note there was no production term in this study). The
13C control in a was based on D(d13C) = d13Cout " d13Cin.
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bration that is reflected in the 18O of the soil CO2 efflux is
near the surface, such isotopic enrichment must be consid-
ered in predicting the d18O of soil–atmosphere CO2 ex-
change flux. If, on the other hand, the effective depth of
isotopic equilibrium is below the large enrichment depth,
predictions are significantly simplified and can rely on pre-
cipitation data.

The effective equilibration depth (realizing that exchange
occurs anywhere there is CO2 and water in the soil), which
will be reflected in the 18O content of the soil CO2 efflux, de-
pends on the competing rates of diffusion of CO2 out of the
soil and of CO2 hydration and isotopic exchange. Miller
et al. (1999) estimated, experimentally, an effective ‘‘setting
point depth’’ (SPD, see Miller et al., 1999 for detail) based
on empirically matching the d18O of soil respired CO2 (biotic
processes) with the water d18O along the soil profile in the
top 20 cm in soils undergoing evaporation. They found
SPD in the range of about 5–15 cm, and a mean of !7 cm.
These experiments were conducted in drying soils, which in-
crease the soil diffusivity coefficient (see above) and yield

deeper SPDs than in wet soils. Nonetheless, the range of
hw values in these experiments is commonly observed in field
studies and much smaller SPDs could not be predicted for
these conditions. In contrast, based on numerical simula-
tions and using the Moldrup equation, Riley et al. (2003)
and later Riley (2005, using both Moldrup and Penman
equations) contradicts the observations of Miller et al.
(1999) that the d18O value of water in the top five centime-
ters of soil does not substantially impact the d18O value of
the soil-surface CO2 flux. It was argued that this was consis-
tent, for example, with a decrease in the measured d18O va-
lue of soil respired CO2 following a small precipitation event
that did not penetrate the upper soil layer of (0–2.5 cm).

In the simplified experimental setup used in this study,
no production and soil water isotopic gradient existed,
and numerical and analytical approaches were used to
approximate the effective depth of 18O equilibration in the
soil associated with CO2 invasion process (abiotic). The
lack of isotopic gradient in the soil profile precluded the
estimate of SPD as done in previous studies. As a conse-
quence, an equivalent parameter is used to estimate the
depth to which CO2 must diffuse in the soil to allow suffi-
cient time for full isotopic equilibrium (termed the ‘‘full
equilibration depth’’, FED, see below).

3.3.1. Numerical estimates of the full equilibrium depth
of 18O

Numerical simulations were used to determine the d18O
value of CO2 along the soil profile at the top 20 cm. As
noted above, we define the full equilibrium depth (FED)
as the depth to which CO2 must diffuse in the soil to allow
sufficient time for full isotopic equilibrium. We evaluate this
numerically as the point in which the difference in d18O be-
tween soil CO2 and water was equal or smaller than 0.3&
(a threshold chosen for practical purposes to represent the
overall precision of the measurements). FED is distin-
guished from the empirically estimated SPD of Miller
et al. (1999), which used the 18O gradient in soil water that
did not exist here. While SPD can be assessed only in the
presence of gradients, FED can be assessed in both cases
and provides a similar means to estimate the efficiency of
equilibrium vs. diffusion. Fig. 6 shows the FED simulation
results for various temperatures and water contents. The re-
sults show the expected trends of decreasing FED with
increasing either hv (Fig. 6a) or temperature (Fig. 6b).
The simulations also show that for the abiotic invasion pro-
cess, as represented by FED approaches zero only at very
high hv or temperature values, as predicted by Riley et al.
(2002, 2003). For conditions commonly encountered in
the field, however, the depths are equivalent to those pre-
dicted by Miller et al. (1999) for their soil samples. Note
that for very dry or very cold soils, the full equilibrium
depth can be considerable.

3.3.2. Analytical estimates of the full equilibrium depth
of 18O

An independent approach is taken as an order of magni-
tude check on the numerical simulation of FED.This is based
on using simplified analytical estimates and comparing the
characteristic times for CO2 diffusion in the soil column

Fig. 5. Experimental results from four independent measurements
showing the effects of grain size on invasion under volumetric water
content of 20% or 30%, and (a) residence time of 310 s (=chamber
flow rate of 1 L min"1), or (b) residence time of 620 s (=chamber
flow rate of 0.5 L min"1). Parameter values as in Fig. 2 except:
dH2

18Osoil = "26.2&, dCO18Oambient = varying, [CO2] = varies
370–405.
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and for the isotopic reaction between CO2 and soil water.
Following Weisz (1973) for different applications we use:

q ¼ tiso–h
s

ð24Þ

where q here is ratio between the time required for hydra-
tion–isotopic exchange reaction, tiso–h, and the characteris-
tic time, s, required for CO2 to diffuse through a soil
column of length L. When q = 1, the gas diffuses a sufficient
time to allow isotopic equilibration. The kinetics, half-life
for isotopic equilibrium of CO2 in soil water is a first-order
reaction and can be described by

ln 2

KH
¼ tiso–h ð25Þ

where KH is defined by Eq. (15). The relationship between
the distance L traveled by CO2 molecules and the diffusion
time, s, for diffusion in soil, is

s ¼ L2

2 DS
ð26Þ

We employ the approach used also by Miller et al.
(1999) and Riley (2005) but using the Penman (1940) diffu-
sion model based on the results discussed above. We first
compare the solution for the required reaction time in
water, q, based on the ratio between Eqs. (25) and (26)
(Fig. 7a). The solution can also be given for the various dis-
tances required to attain this reaction time in a given soil,
and the net distance traveled by CO2 molecules:

L ¼

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
2DS lnð2Þ

KH

s

ð27Þ

The results are summarized in Fig. 7a, which considers the
characteristic time for CO2 diffusion through a range of
possible soil column lengths, and the half-life for isotopic
equilibrium of CO2 soil water. A point at which a depth line
and reaction time line meet indicates the minimum soil
depth required to attain full isotopic equilibrium, given
the conditions indicated. Thus, points to the left of the reac-
tion time line represent combinations that would allow full
isotopic equilibrium and to the right of this line, combina-
tions in which CO2 would escape the soil without full equi-
librium. Note that these analytical solutions are distinct
from the empirical approach of Miller et al. (1999), but
are based on the same principles and provide ‘‘first approx-
imations’’ that can be used as another check on empirical or
(as used here) on numerical simulations. As expected, using
the Moldrup model (Fig. 7b) instead of the Penman model
(used in Fig. 7a) yields significantly smaller simulated equil-
ibration depths. For example, taking kiso–h = 0.012 s"1,
T = 25 "C, / = 37.6%, B = 0.76, j = 0.66, and moderate
hv (25–40%) yields required soil depths of 4 cm and 2 cm,
instead of 8 cm and 6 cm, based on the Moldrup and Pen-
man approaches, respectively. Note that this analytical ap-
proach gives a relatively large domain, because the
characteristic time for diffusion represents the time for the
midpoint of diffusive plume to propagate a particular dis-
tance in a medium; and the characteristic time for hydra-
tion characteristic represents the half-life of hydration
reaction.

Comparing the results of the numerical and the analyti-
cal approaches discussed above (Figs. 6a and 7a, respec-
tively), we find generally good agreement for comparable
soil conditions (Fig. 7c). This is reassuring, but note that
the correlation deteriorates at low water content. This is
likely because the analytical solution for equilibration time
approaches infinity at very low water contents (see Fig. 6a),
while the numerical simulation does not.

3.3.3. Seasonal variations in the depth of full equilibrium
To further extend our analyses to more realistic field

conditions, we used available annual-scale data from the
Yatir forest (see Section 2) to estimate the FED (which
applies either to atmospheric invasion flux, or to a pro-
duction flux that would exist under field conditions). We
calculated the full equilibration time, using a harmonic
averaging of layered diffusion coefficients according to
Crank (1975):

Fig. 6. Simulation predictions of full equilibration depth (FED).
The FED was defined as the point in which the difference in d18O
between soil CO2 and water was equal to or smaller than 0.3&
(approximately the experimental error in the measurements), and
was obtained from od(CO2)k=bottom/od(CO2)k = 0.3&) and
d(CO2)k=bottom and d(CO2)k were the equilibrium and FED values,
respectively. (a) FED as a function of volumetric water content for
various soil temperatures. (b) FED as a function of temperatures
for various soils volumetric water contents. Parameters used in the
simulations were as specified in Fig. 2.
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1

DS
¼

Xn

i¼1

1

DSð/i; hw; T iÞ
ð28Þ

The analytical and numerical estimates of FED were almost
identical in the ranges between "2.5 cm and "8 cm (see
Fig. 7c) and in the following analysis we used the analytical
approach as described in Section 3.3.2.

The results summarized in Fig. 8 show significant sea-
sonal variation in the predicted full equilibration depth
for this site, with the expected deepening of the equilibra-
tion depth in the dry summer (see Hesterberg and Siegent-
haler, 1991). The full equilibration depth observed ranged
between !4 cm in winter (January) and !7.5 cm in autumn
(November) for estimates based on the Penman model.
Using the Moldrup model, the trends are similar but with
shallower depths of !2.5 cm in the winter (January) and
!6.5 cm in autumn (November). As noted by Miller et al.
(1999), these seasonal variations tend to help reduce the ef-
fect of evaporative enrichment near the soil surface as the
soil dries up. In other words, the full equilibrium depth in-
creases as the near-surface enrichment intensifies.

Using the Penman diffusion model, the average full equi-
librium depth in Yatir was 6.27 ± 1.05 (while the average
depth using the Moldrup model was 4.96 ± 1.39), in good
agreement with Miller et al. (1999) for different environ-
ments (Colorado) and based on biotic CO2 production.
The results indicate that such estimates are relatively ro-
bust, as least for mid-range hw values. This also supports
the notion that at least in such soils, the 18O enriched water
often observed in the top !5 cm of drying soils (Allison,
1982; Allison et al., 1983, 1987; Barnes and Allison, 1983,
1984; Kroopnic and Craig, 1972; Mathieu and Bariac,
1996a,b) is not expected to impart a strong isotopic signa-
ture to the CO2 escaping the soil, unless, of course, CO2

is produced at or near the surface or carbonic anhydrase ex-
ists at these sites.

4. CONCLUSIONS

We used a simplified experimental system combined
with numerical model simulations to explore the factors
that influence the depth of 18O equilibrium between CO2

and soil water. Our approach relied on abiotic exchange
only, with no production/consumption, and using homoge-
neous sand with no variations in the d18O of soil water. We
used a gas exchange system similar to that of Miller et al.
(1999).

Fig. 7. (a) Characteristic times for isotopic hydration-equilibrium
and diffusion, across soil columns of varying lengths (based on
Penman (1940; using equations 15–16, 18–19, 25–26, T = 25 "C)
(b) As for (a), but based on the Moldrup et al. (1999) model.
(c) Comparison of the full equilibration depth (FED) between
analytical solution (a) and numerical solution (b).

Fig. 8. Seasonal variations, between March 2002 and March 2003,
of the full equilibration depth (FED) using the Penman (1940) and
Moldrup et al. (1999) diffusion coefficient functions.
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We show, in order of importance, that: (1) I is sensitive
to soil moisture content and its isotopic composition, tem-
perature, CO2 residence time, and to soil structure (poros-
ity, tortuosity and grain size). (2) Numerical simulations
of these effects are sensitive to the diffusion coefficient func-
tion used; good agreement between experimental measure-
ments and predictions using numerical simulations was
obtained using both the Penman and the Moldrup diffusion
equations for soil with low water content, but only with the
former for soil with intermediate and high water content.
(3) Based on the preferred Penman model, numerical simu-
lations and field data indicate that the depth of full CO2–
H2O equilibrium in the soil profile normally ranges between
!2 cm and !8 cm with a mean depth of !6 cm. (4) Using
the field data, seasonal variations show significant deepen-
ing of the full equilibrium depth in summer, thus reducing
the soil surface effect when it is most expected to undergo
large evaporative enrichment (this analysis was based on
comparison of characteristic times). (5) All else being equal,
I is greater for fine sand than for coarse sand at low water
contents, suggesting that I is dependent on the wet surface
area in the soil.

These results support the idea that the competition be-
tween CO2–H2O isotopic exchange, and CO2 diffusion out
of the soil, limits the effect of near-surface isotopic enrich-
ment of soil water on the d18O of the soil–atmosphere
CO2 flux, simplifying the prediction of its effect on atmo-
spheric CO2. We note however that our study focused only
on abiotic invasion and does not consider various patterns
of biological CO2 production and enzyme catalyzed ex-
change about the soil surfaces. The results provide addi-
tional insights to the recent advances in understanding the
effects of soil on the isotopic composition of the global
atmosphere (Stern et al., 1999; Miller et al., 1999; Riley
et al., 2002, 2003).
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